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ABSTRACT

We analyze the properties of deep convection over the equatorial Pacific and its relationship to sea surface
temperature (SST) and surface wind divergence using ISCCP radiance data for July 1983 and January 1984.
Deep convective clouds (DCC) are diagnosed with both a combined visible-infrared threshold method and an
infrared-only threshold method. The visible channel is important in diagnosing deep convection in different
regions with different surface and atmospheric properties because of the existence of large-scale variations of
DCC top altitudes.

The ITCZ and SPCZ exhibit changes in these two months that are characteristic of both the El Nifio and
seasonal cycles. Deep convection is latitudinally confined to a much smaller spatial scale than that suggested
by maps of outgoing longwave radiation. Diurnal variations of DCC cover and associated mesoscale cirrus/
anvil cloud (CAC) cover are out of phase, with deep convection peaking in the early morning throughout the
equatorial Pacific. The diurnal cycle is strongest in the west Pacific and Indonesia, where deep convection is
most intense. DCC top temperatures are at a minimum several hours before the maximum in DCC cover and
out of phase with CAC top temperatures.

Two types of relationships between deep convection, SST, and surface wind convergence are suggested: 1)
When a large area within a region is covered by SSTs greater than 28°C, deep convection is enhanced in areas
where SST exceeds 28°C in the absence of strong surface divergence. Strong monthly mean surface convergence
does not enhance deep convection in this case. 2) When the warmest SSTs in a region are less than about 28°C,
deep convection is significantly enhanced by strong surface wind convergence near the local maximum in SST
(26°-28°). An analysis of a slightly different version of the ISCCP data for the period July 1983-July 1985
suggests that the first type of relationship is the typical situation in the west Pacific, while the second relationship
is most obvious in non-El Nifio northern winters in the east Pacific. DCC top height generally increases as SST
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increases, but the visible reflectance of DCC does not vary strongly with SST.

1. Introduction

The global atmospheric response to heat sources in
the tropics is among the most important questions
about the general circulation. Deep convection is the
primary mechanism for this response because it is the
most effective means of transporting heat from the
planetary boundary layer to the free troposphere (Riehl
and Malkus 1958). In estimates of climate sensitivity
to external forcing, cloud feedbacks are considered to
be one of the greatest sources of uncertainty (Hansen
et al. 1984; Schlesinger and Mitchell 1987; Wetherald
and Manabe 1988). Convection, which is the most
important process for transporting moisture from the
lower to upper troposphere in the tropics, plays key
roles in the temperature lapse rate feedback, water va-
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por feedback, and radiative feedbacks associated with
changes in large-scale clouds (Del Genio and Yao
1988).

The equatorial Pacific is also the seat of important
interactions between the atmosphere and ocean that
produce phenomena such as the El Nifio/Southern
Oscillation (ENSO) and monsoons. In the equatorial
west Pacific, the warmest area in the tropical oceans,
deep convection occurs as the ‘root’ of both the Hadley
and Walker circulations, associated with dramatic lat-
itudinal and longitudinal variations of cloud cover,
precipitation, and SST. Changes in deep convection
are believed to affect the global circulation (Simmons
1982).

Two approaches have previously been used to study
variations of deep convection. Some investigators have
analyzed precipitation data as a proxy for deep con-
vection (Gray and Jacobson 1977); however, the low
spatial density of observation sites, especially over
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oceans, makes it difficult to observe this phenomenon
over a complete range of scales. Although total precip-
itation represents an integrated measure of the latent
heating effect of convective complexes, the relation to
cloud cover and consequent radiative heating of the
surface and cooling of the atmosphere is not generally
known.

Other investigators (Webster and Stephens 1980;
Liebmann and Hartmann 1982; Murakami 1983;
Hartmann et al. 1984; Ardanuy and Kyle 1986; Nitta
1986) have used various outgoing longwave radiation
(OLR) datasets to study variations of tropical convec-
tion. These studies suffer from two limitations. First,
for OLR measurements actually taken by a broadband
radiometer (e.g., from Nimbus-7), the sensitivity to
cloud variations, and the ability to discriminate be-
tween different high cloud types is reduced by the pre-
dominance of lower (colder) atmospheric emission
over higher (warmer) surface emission when observing
the whole thermal wavelength range. Moderately thick
cirrus clouds may appear similar to thicker anvil clouds
or even convective towers (especially given the lower
spatial resolution of these broadband scanning radi-
ometers). Thus, OLR contrasts between the east and
west Pacific and between the tropics and subtropics
will also depend on the distribution of water vapor and
thinner high-level clouds as well as deep convection.
Another commonly used OLR dataset is constructed
from narrowband (wavelength ~11 pm) measure-
ments by use of a linear regression relation (e.g., Lieb-
mann and Hartmann 1982 ). While this approach may
capture a proper global or regional mean value of the
OLR, it may not represent the spatial and temporal
variations of actual OLR correctly because the effects
of changing water vapor are underestimated and
changing low-level clouds are overestimated. On the
other hand, these data may have higher sensitivity to
cloud variations, since surface emission is more im-
portant at 11 pm. Most analyses have used spatially
averaged data, however, that reduce temperature con-
trast and hence sensitivity to changes of clouds.

A second limitation of both types of OLR studies is
that they use constant OLR thresholds to discriminate
between ‘high’ clouds and all other clouds or clear con-
ditions. This simplistic approach mixes together at least
two distinct types of cloud behavior, as we will show,
and cannot account for variations of the high level
cloud attributes with location and season. For some
applications this may not be a severe limitation, since
thin high clouds (tropical cirrus canopies) are usually
associated with thick high clouds (mesoscale convective
cloud clusters) (cf., Zipser 1977). However, the spatial
scale of the mesoscale clusters is smaller than that re-
solved by most OLR studies, and this may be important
in certain air-sea interaction problems ( Zebiak 1990).
Furthermore, the long lifetime of cirrus clouds com-
pared to the deep convection that generates them
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makes it difficult to deduce the diurnal cycle of con-
vection with a single threshold.

The approach adopted here attempts to identify dis-
tinct subgroups of high-level cloudiness and to account
for systematic variations in their properties. To this
end, we employ both narrowband visible and infrared
imagery from operational weather satellites to enhance
sensitivity and to discriminate between thin and thick
high level clouds. Visible radiances from satellites have
been used in several previous studies of convective
cloudiness (Minnis and Harrison 1984; Minnis et al.
1987; Rossow et al. 1990)'. The additional visible
channel makes a better isolation of convective towers
from other high clouds possible (Del Genio and Yao
1987). Our purpose is to isolate and study deep con-
vection as the initiator of a whole complex of phenom-
ena that lead to atmospheric and surface heating/cool-
ing. We use a statistical approach to derive identifi-
cation criteria from the frequency distributions of the
basic radiances (represented as visible reflectance and
brightness temperature ) in the ISCCP B3 data (Rossow
et al. 1987). The B3 data, a primary data product of
ISCCP, are a reduced-resolution, calibrated and nor-
malized, infrared- and visible-radiance dataset (Schiffer
and Rossow 1985).

In this paper, we describe a combined visible-infrared
(VS-IR) method for detecting DCC and we use this
method to adjust an equivalent IR-only method (sec-
tion 2) for study of diurnal variations. We examine
the characteristic features and the spatial distribution
of deep convection, the diurnal cycle of deep convec-
tion, and the relation of deep convection to SST and
surface wind divergence in the equatorial Pacific in
sections 3, 4 and 5, respectively. Our discussion and
summary are in sections 6 and 7.

2. Data and method
a. Data

We use the ISCCP B3 radiance data from the GMS-
2 (Geostationary Meteorological Satellite of the Japan
Meteorological Agency), stationed over 0° latitude and
140°E longitude, and from the GOES-6 (west) (Geo-
stationary Operational Environmental Satellite of
NOAA), stationed over 0° and 135°W. These radi-
ances have been normalized to a specific radiometric
standard by comparison to the NOAA-7 AVHRR
(Advanced Very High Resolution Radiometer) and
removal of any trends in AVHRR calibration (Rossow
et al. 1987; Brest and Rossow 1990)2.

! Stowe et al. (1988) use ultraviolet radiances in a similar fashion.

2 Later comparisons of AVHRR and aircraft measurements suggest
that the ISCCP B3 data we used underestimate reflectance system-
atically by 20% ( Whitiock et al. 1990).
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FIG. 1. The domain studied in this paper. The regions west and east of 175°W (dashed line)
are covered by the GMS-2 and GOES-6 satellites, respectively. West Pacific and east Pacific are
separated by the solid line. The longitudinal zones for which diurnal variations are analyzed are

marked by dots.

The radiance data from these two satellites have a
narrow-band visible channel (VS, 0.55-0.75 um) and
an infrared channel (IR, 10.5-12.5 ym) in common.
The radiances are converted to reflectances (radiance
scaled by the instrument solar constant and divided by
cosine of the solar zenith angle) and brightness tem-
peratures. The precision of the reflectances and tem-
peratures are approximately 0.01-0.02 and 0.5-1.0 K,
respectively (Rossow et al. 1987). The original images
(IR pixel resolutions of 5 km and 8 km at nadir? for
GMS-2 and GOES-6, respectively ) have been sampled
systematically to 25-30 km spacing. There are eight
images per day (UTC 0, 3, 6, 9, 12, 15, 18, 21). VS
channel data exist for five daytime images; IR channel
data are obtained for all images. The navigation infor-
mation that determines the Earth location of each sat-
ellite image pixel, the observation geometry, and sur-
face type information (land/water/coast) are also
available in the ISCCP B3 dataset. We analyze data for
July 1983 and January 1984; these months represent
different phases of both the seasonal and El Nifo cycles.

We also employ the Climate Analysis Center global
SST data (Reynolds 1983) and the Florida State Uni-
versity (FSU) surface wind data (Goldenberg and
O’Brien 1981) to investigate the relationship between
deep convection, surface wind convergence, and SST
in the equatorial Pacific Ocean. The monthly Climate
Analysis Center SST data are derived from combined
ground-based and satellite measurements with spatial
resolution 2° X 2° and reported accuracy of 1°C. The
FSU monthly mean surface winds are based on ship
measurements collected at a resolution 2° X 10° but
interpolated to a 2° X 2° grid.

The most uncertain of these data are the wind data.

3 Visible channel data are averaged to match the lower IR channel
resolutions before sampling.

First, the surface wind data may not adequately rep-
resent the wind field over the lower troposphere. GATE
data, for example, show that the divergence can change
sign 100-200 mb above the surface in the tropical At-
lantic (Thompson et al. 1979). Gutzler and Wood
(1990) find that the divergent component of the surface
wind in the FSU data is not strongly correlated with
the NMC 850 mb wind analysis over the tropical Pa-
cific. This may, in part, be an indication of uncertainties
in the analyzed winds that depend on uncertain GCM
parameterizations. The tropical fields in the NMC and
ECMWEF analyses, for example, disagree in their details
(Lambert 1988). Second, the temporal and spatial res-
olutions of the data are not sufficient to address fun-
damental questions about convection-dynamics rela-
tionships. The time scale of deep convection-conver-
gence interactions is less than or comparable to the
dynamic time scale, about one day. The FSU data give
only the monthly mean wind and therefore average
over many perturbations. The spatial resolution of the
wind data is actually 2° X 10°, which may be too coarse
to resolve the important spatial scales for deep con-
vection-convergence interactions. Finally, the sparse-
ness of observations causes large uncertainties in the
wind data. However, the main features of the wind and
divergence fields derived from the FSU wind data, e.g.,
the positions of the ITCZ (Intertropical Convergence
Zone) and SPCZ (South Pacific Convergence Zone),
and the magnitudes and locations of easterlies and
westerlies, seem qualitatively realistic. Because of the
limitations of the wind data, we view the convection-
convergence comparison presented here as an experi-
mental one which will eventually be superseded when
more accurate tropical wind measurements become
available.

Since our focus in this paper is on the equatorial
Pacific, we restrict our study to the longitudes 124°E~
90°W (Fig. 1). The latitude range 21°S-21°N is se-
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FI1G. 2. Two-dimensional histograms showing the monthly mean frequency of occurrence of VS radiances expressed as reflectance (ordinate)
and IR radiances expressed as brightness temperature (abscissa). Contours show equal increments in frequency; highest values in interior.
(a) west Pacific, July 1983; (b) east Pacific, July 1983; (c) west Pacific, January 1984; (d) east Pacific, January 1984. The “DCC” and

“CAC” domains are indicated in the figures.

lected to include most of the active area of the ITCZ
and SPCZ.

b. Method
1) METHOD 1 (COMBINED VS-IR)

A key observation is that at least two distinct high
level cloud types are found in the tropics. They are
revealed by a difference in the correlated values of the
visible and infrared radiances associated with them as
illustrated in Fig. 2, which shows the normalized fre-
quency histograms of all the pixels collected over one
month* for different parts of the domain at local noon

* The histogram is the monthly mean number of pixels as a function
of reflectance and temperature normalized by the number of total
pixels in the corresponding part of the spatial domain.

as functions of VS radiance expressed as reflectance
and IR brightness temperature. This method of dis-
playing the data has been shown to be quite useful for
delineating different cloud types and climatic regimes
(Séze and Rossow 1990). The type that we call DCC
is associated with a distinct ‘cluster’ at reflectances
about 0.6-0.8 and temperatures colder than about 240
K. The second type, which we call CAC, is associated
with a more diffuse cluster that is darker and warmer
than that of DCC?. Therefore we use a reflectance and
temperature threshold method to distinguish DCC and
CAC pixels from other pixels.

Although the thresholds used to identify DCC and
CAC are somewhat arbitrary, the key to our results is

5 The histograms also suggest the presence of low-level clouds in
the elongation along the VS axis at high IR temperatures.
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the identification of stable subpopulations of high-level
cloudiness. An example of spurious changes associated
with changing attributes of the subpopulation is pro-
vided by the exaggerated apparent decrease in DCC in
the eastern Pacific during January 1984, measured by
a fixed IR-only threshold, part of which is caused by a
systematic increase of cloud top temperature ( Fig. 2d).
The key to the proper identification of these clouds is
the use of VS radiances that allow for a more flexible
IR criterion than required to isolate DCC in the IR
data only (see Section 2.2.2).

Since the distributions in Fig. 2 are continuous in
the reflectance-brightness temperature domain, it is not
possible to select “ideal” thresholds which admit all
DCC and CAC while filtering out all other cloud types.
Previous ground-based and satellite studies (Ogura and
Cho 1973; Johnson 1980; Nitta 1986; Del Genio and
Yao 1987) suggest a bimodal distribution of cloud top
heights over the tropical oceans with a minimum near
500 mb. We therefore take 267 K, the climatological
500 mb temperature at 0°-20°N latitude (Crutcher
and Meserve 1970), as our IR threshold to separate
high-level from low-level cloudiness. This threshold
may exclude some very thin cirrus, which transmit suf-
ficient IR radiance from below to appear warmer than
267 K.

To select an optimum VS reflectance for separation
of DCC and CAC, we tested 0.6, 0.65, 0.7, 0.75 and
0.80 as VS thresholds. The cloud top temperature dis-
tribution for each reflectance interval between 0.6 and
1.0 was examined. Figure 3a illustrates that, for reflec-
tances higher than 0.7, the peak of the distribution is
colder than 220 K, i.e., higher than the 200 mb level.
Fewer than 17% of the clouds in this category have
tops below the 300 mb (241 K) level and fewer than
6% below the 500 mb (267 K) level (Fig. 3b). For
reflectances in the 0.6-0.7 range (Figs. 3¢, 3d), the
peak of the cloud top distribution is approximately or
below 200 mb, but a second peak below the 280 K
level becomes evident. Thus, a minimum reflectance
of 0.7 effectively excludes clouds whose vertical extent
is less than about 500 mb. Liou’s (1976 ) radiative cal-
culations indicate that only cumulonimbus and nim-
bostratus have reflectances this high®. Since nimbo-
stratus are usually associated with frontal systems in
midlatitudes, we expect that, in the tropics, clouds with
reflectances greater than this minimum value are cu-
mulonimbus (i.e., DCC). Therefore, it is possible to
separate DCC from their associated cirrus and meso-
scale anvils whose cloud bases lie in midtroposphere
(Zipser 1977).

$ Our VS threshold for DCC should be 1.2 X 0.7 = 0.84 when the
underestimation of reflectance in the data is taken into account. This
value agrees with the reflectance of DCC (0.8-0.9) obtained from
some theoretical studies (cf., Liou 1976; Stephens 1978).
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We choose 0.7 and 267 K as conservative reflectance
and temperature thresholds (i.e., a few of the less op-
tically thick DCC may be excluded, but everything that
satisfies both criteria is likely to be a DCC). The mean
DCC amount over our entire domain is then 2.0%,
which is consistent with prevailing ideas about the areal
coverage of deep convection (Sarachik 1980). To re-
move biases caused by varying scattering geometry, we
use this combined VS-IR threshold method only for
local noon images. This causes only a slight overesti-
mation of the average over the complete diurnal cycle
(see Fig. 8 and discussion in Section 4). The CAC are
defined as pixels with reflectance darker than 0.7 and
temperature colder than 267 K. The DCC and CAC
domains are illustrated in Fig. 2.

Figure 4a is a time vs. longitude composite image
(Hovmoller diagram ) illustrating the spatial and tem-
poral variability of the clouds detected by our VS-IR
threshold method. CAC are typically organized on the
mesoscale and propagate westward across the Pacific.
This is consistent with the behavior of mesoscale anvils
during GATE (Zipser et al. 1980). These clouds cover
about 21% of the domain. Embedded within them are
much smaller areas of DCC (pixels which exceed both
thresholds), which show some tendency to decrease
over the lifetimes of individual clusters. All of these
features are consistent with the observed behavior of
tropical convection (Houze and Betts 1981) giving us
confidence that the technique can successfully distin-
guish tropical DCC from thinner CAC and shallow
cumulus. Sensitivity of the derived cloud amounts to
the VS threshold is summarized in Table 1.

Diagnosis of DCC poleward of the latitudinal range
of our domain is not feasible with this method because
of horizontal gradients in air temperature at the same
altitude and because of the prevalence of thick frontal
nimbostratus, which have similar radiative signatures,
in midlatitudes.

2) METHOD 2 (IR ONLY)

Method 1 is limited to daytime images because at
night only the IR channel is available. This prevents
us from examining the full range of diurnal variability
with method 1. Although several methods have been
developed to detect DCC from IR radiance data (Mu-
rakami 1983; Meisner and Arkin 1987; Adler and Negri
1988), we study diurnal variations of DCC and asso-
ciated CAC with an IR-only method adjusted to agree
with method 1 at local noon.

Since the DCC can be distinguished from other
clouds in daytime by our combined VS-IR threshold
method, the characteristic cloud top temperature of
the DCC, obtained by method 1, is employed as a guide
for choosing an appropriate IR threshold [see Minnis
and Harrison (1984) for a slightly different approach
to this problem ]. The characteristic temperature of the



1134 JOURNAL OF CLIMATE VOLUME 3
VS THRESHOLD TEST
A 07/83 c 07/83
100 (A2 / 180 ) /
(11 1 zoof
~
o 220 T 220
N N
: =
= 240 240
1] =
& &
260 M 260
A B«
= =
= =
= 280 - DCC COVER ~ 280 DCC COVER
- 0. —0.012
= 8:818 =8:01%
s00 |- 300 |-
820 I 1 I 320 I l 1
0.00 0.05 0.10 0.15  0.20 0.00 0.05 0.10 0.16  0.20
FRACTION FRACTION
B 07/83 D 07/83
180 (8D / o0 2D /
200 | 200 [-
~~ ~
o 220 o 220
N’ N’
= =
&
X 240 = 240
L) =
< <
-4 -4
= 260 & 260
-] e
= =
2 280 M 280~  DCC COVER
—9.0 - 0.
=§:818 =8:813
300 300
320 I ;| 1l | 320 1 | !
0.0 0.2 0.4 0.8 0.8 1.0 0.0 0.2 0.4 0.6 0.8 1.0
FRACTION FRACTION

FIG. 3. Frequency histograms of the monthly distributions (a, ¢) and cumulative distributions (b, d) of brightness
temperatures for pixels with reflectances in certain ranges in the west Pacific for July 1983. The reflectance ranges are
(a,b)0.75-1.00 (solid), 0.70-0.75 (dashed); (¢, d) 0.65-0.70 (solid), 0.60-0.65 (dashed ). The upper and lower DCC
amounts are west Pacific means for the solid and dashed curves, respectively, in each figure.

DCC cluster suggested by Fig. 2 is about 220 K. We
analyze distributions of réflectance for several cloud
top temperature intervals for the equatorial west Pacific
in July 1983 (Fig. 5). When the cloud top temperature
is lower than 220 K, the peak of the reflectance distri-
bution is greater than or comparable to 0.7. As cloud
top temperatures become warmer than 220 K, the peak
of the distribution shifts to lower reflectance and the
fraction of low reflectivity clouds significantly increases.

This suggests 220 K as a first approximation for a cutoff
to isolate DCC. The resulting cloud amount is com-
parable to that obtained by the VS-IR threshold method
in January 1984, but much greater in July 1983 (Table
1). Taking 215 K as an IR threshold allows for better
agreement with the VS-IR threshold méthod in July
1983 but worse in January 1984; however, the latter
choice is more conservative. More than 70% of the
clouds with IR temperature between 215 K and 220
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F1G. 4. Hovmoller diagram (time on vertical axis vs longitude on horizontal axis) of (a) VS-IR and (b) IR images for the
region of 5°N-13°N, 110°E-175°W, July 1983. The white, gray and black represent deep convective cloud, cirrus/anvil cloud
and absence of high cloud, respectively. (a) DCC is defined by using VS reflectance R > 0.7 and IR brightness temperature T

< 267 K. Cirrus/anvil cloud is defined by R < 0.7 and T < 267 K. (b) DCC is defined by T < 215 K and cirrus/anvil cloud is
defined by 215 K < T < 267 K.
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TABLE 1. Summary of sensitivity of the derived cloud amounts to visible threshold (R = reflectance) and infrared threshold (T = brightness
temperature). The numbers derived from the final choices of thresholds are underlined. OLR equivalents to various infrared thresholds are

given in parentheses.

DCC Amount (%)
Threshold July 1983 January 1984
Visible-Infrared W. Pacific E. Pacific W. Pacific E. Pacific
R>0.80;T<267K 0.3 0.2 0.9 0.1
R>0.75;T< 267K 1.1 0.7 1.8 0.5
R>0.70; T< 267K 2.0 14 29 1.0
R>065T<267TK 3.1 22 4.1 1.8
R>0.60; T <267 K 4.3 3.0 5.3 2.5
Infrared-only (OLR) W. Pacific E. Pacific W. Pacific E. Pacific
T < 210K (110 W/m?) 1.2 0.8 1.5 0.3
T < 215K (121 W/m?) 20 15 2.5 0.6
T <220 K (133 W/m?) 3.0 2.1 3.4 1.0
T <241 K (191 W/m?) 8.2 5.5 8.8 4.2
T < 255 K (240 W/m?) 12.4 84 13.1 6.9
T < 267 K (288 W/m?) 17.3 114 18.3 10.1
Cirrus/Anvil Cloud Amount (%)
Threshold July 1983 January 1984
Visible-Infrared W. Pacific E. Pacific W. Pacific E. Pacific
R <0.80;T<267K 17.0 11.2 17.3 10.0
R<075;T<267K 16.2 10.7 16.5 9.6
R<070;T<267K 15.3 10.0 153 9.1
R <065, T<267K 14.2 9.2 14.2 8.3
R <0.60; T <267TK 13.1 8.4 13.0 7.6
Infrared-only W. Pacific E. Pacific W. Pacific E. Pacific
210K < T<267K 16.1 10.6 16.7 9.8
215K < T<267K 153 9.9 15.8 9.5
220K < T<267K 14.4 9.3 14.9 9.1
241K <T<267TK 9.2 5.9 9.4 59
255K < T<267K 49 3.0 5.1 32

K have VS reflectances less than 0.7; this decreases to
50% for clouds colder than 215 K (Fig. Sb,d). Also,
Fig. 2 suggests that while complete separation of DCC
from CAC in IR data is precluded by the continuous
nature of the cloud-top temperature distribution, the
local maximum in the histogram near 0.7 reflectivity
is consistent with 215 K as a temperature threshold.
For comparison, Table 1 also shows cloud amounts
obtained for 241 K, the climatological temperature at
300 mb in the tropics (Crutcher and Meserve 1970),
and for a 255 K threshold, which roughly corresponds
to the 240 Wm 2 OLR threshold often used to diagnose
deep convection (cf., Murakami 1980; Lau and Chan
1985). These choices give much larger cloud cover
dominated by contributions from CAC.

The longitude-time DCC and CAC distribution de-
rived from method 2 (using the 215 K threshold) for
images over the area of 5°N-13°N, 110°E~175°W for

July 1983 is presented in Fig. 4b. It appears very similar
to that obtained by method 1 (Fig. 4a) in both coverage
by DCC and in the morphology and propagation of
individual features. Specifically, the IR-only CAC
threshold in the images, defined as cloud top temper-
ature between 267 K and 215 K, brings out the me-
soscale cloud clusters that dominate the cloud field in
this region, while the DCC threshold identifies con-
vective cells embedded within the clusters. This con-
vinces us that method 2 can replace method 1 quali-
tatively for the purposes of examining the diurnal cycle.

A quantitative comparison between method 1 and
method 2 shows that about 50% of the clouds detected
by method 2 are DCC as defined by our VS criterion
for method 1. Conversely, about 50% of the DCC de-
fined with the aid of VS data can be identified by the
IR-only method. Since organized DCC systems are the
dominant mode of tropical moist convection, it is likely



OCTOBER 1990 RONG FU, ANTHONY D. DEL GENIO AND WILLIAM B. ROSSOW

1137

IR THRESHOLD TEST

07/83 c 07/83
/ L. 00 LS /
0.60p
-] 3]
v (&)
= = 0.60
L] -
B~ =~
(8] [S]
] =
] -l
[ = 0.40
2] =
- -
DCC COVER DPCC COVER
- 0. ] - 0.012
0.20] =8:8% 0.20F ~8:81%
0.00 1 l ' 0.00 I ' 1
0.00 0.06 0.10 0.15  0.20 0.00 0.05 0.0 0.15  0.20
FRACTION FRACTION
B 07/83 D 07/83
1.00 22 / {00 lD) /
0.80 0.80
= =
[ 5] Q
= 0.60 = 0.60
- L.
[ o [
[ (&)
= =
=l o |
= 0.40 . = 0.40
(= 5 5=
-1 4 [+
DCC COVER
— 0.021
0.20~ T-0:010 0.20
0.00 | I l 1 0.00
0.0 0.2 0.4 0.6 0.8 1.0 0.0 0.2 0.4 0.8 0.8 1.0
FRACTION FRACTION
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that most of the nonconvective clouds detected by
method 2 are part of the cirrus/anvil canopy accom-
panying a DCC cluster (Fig. 4). Thus, we consider
method 2 to be a satisfactory replacement for method
1. Steranka et al. (1984) investigated 23 tropical cy-
clones over the Atlantic Ocean and found that the mean
cloud top altitude of deep convection near the center
of tropical storms is near 12 km, while that of the dense

cloud canopy is about 9.7 km. This result is not sur-
prising since deep convective updrafts can be quite vig-
orous and often overshoot their level of vanishing
buoyancy. This result may explain our ability to dis-
tinguish DCC from their associated mesoscale anvils
by choosing a sufficiently cold IR threshold. The IR-
only method can be applied qualitatively to the narrow
band OLR datasets by adopting the corresponding
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OLR threshold (see Table 1). Table 1 also indicates
the degree of sensitivity of our derived cloud amounts
to the assumed IR threshold.

Sensitivity tests show that the VS-IR and IR-only
methods give almost identical results except for the
tropical east Pacific in January 1984. The reason for
this discrepancy is that DCC tops in that area and
month were about 8 K warmer (~1 km lower) on
average than those in the tropical west and central Pa-
cific. Most deep convective clouds are thus excluded
by using an IR brightness temperature threshold of 215
K. Method 2 underestimates the DCC amount in such
cases (see Table 1). This exposes the major disadvan-
tage of IR-only methods. The IR threshold should be
tuned separately against the VS-IR threshold for the
west Pacific and for the east Pacific. This suggests that
while the VS channel provides somewhat redundant
information, if we focus on any one region of active
convection, it is more important for the diagnosis of
convection in a variety of regions with different surface
and atmospheric conditions.

3. The spatial distribution of deep convective clouds

Large-scale concentrations of DCC in the tropics
define the rising branches of planetary scale circulations
and the locations of peak diabatic heating in the tropical
atmosphere. Heddinghaus and Krueger (1981) ana-
lyzed annual and interannual variations of OLR and
suggested that the large year-to-year changes, especially
in the equatorial Pacific, are probably associated with
ENSO. Lau and Chan (1983a,b) used similar OLR
data and showed the existence of two dominant modes
of nonseasonal variations in the global tropics, which
relate to the 2-3 month time scale and ENSO. Nitta
(1986) found large seasonal variations of OLR, which
are greatly affected by the summer and winter mon-
soons over Southeast Asia and Australia. Meehl (1987)
systematically analyzed annual and interannual vari-
ability in the tropical Pacific and Indian oceans by using
long-term OLR, cloud, precipitation, and sea level
pressure data. The Southern Oscillation-type signals of
the ocean—atmosphere system were detected and the
extratropical variations associated with these signals
were analyzed as well. We investigate the spatial dis-
tribution of DCC for July 1983 and January 1984 as
defined by the combined VS-IR threshold method.

The monthly mean DCC fractions over the equa-
torial Pacific in July 1983 and January 1984 are shown
in Figs. 6 and 7. Traditionally, regions of high DCC
cover have been used to identify the ITCZ and SPCZ
in satellite images because these latitudes are colocated
with the climatological ITCZ and SPCZ. However, on
the monthly time scale, as indicated in Figs. 6 and 7,
the DCC pattern does not necessarily correspond with
the surface wind convergence pattern, particularly in
the longitudinal direction. In both months a well-de-
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fined ITCZ (with DCC cover as high as 12%) existed
in the west Pacific near 5°N latitude, extending east-
ward slightly beyond the dateline. In the east Pacific,
the ITCZ was shifted northward to 10°-15°N latitude.
The east Pacific ITCZ was broad and confined to re-
gions near the Central American coast in July 1983,
with little DCC in the central Pacific. In January 1984,
this feature was narrower and extended further into
the central Pacific, with less convection near the coast.
These changing DCC patterns in the central and east
Pacific are consistent with OLR differences between El
Nifio and climatology (cf., Heddinghaus and Krueger
1981). The SPCZ was located between 2°S and 8°S
in July 1983, but shifted to 10°-20°S and intensified
in January 1984. East of 140°W longitude, there was
little DCC cover south of the equator in either month.
The SPCZ behavior is consistent with the seasonal cli-
matology of the SPCZ (Meehl 1987).

In July 1983, the location and shape of the ITCZ
and SPCZ are fairly well defined by the 28°C SST con-
tour, in agreement with the conclusion of Graham and
Barnett (1987). January 1984 is quite different in two
respects. First, we find large DCC cover in the east
Pacific overlying water with SST between 25°C and
27°C. Second, within the region of warm SST in the
west Pacific, strong deep convection is confined to a
narrower latitudinal band than is the distribution of
SST itself. Especially near the equator, there are exten-
sivé areas of warm water without strong divergence
and with little deep convection.

The spatial distribution of DCC top temperature is
illustrated in Fig. 2. In July 1983, the DCC clusters in
the west Pacific and the east Pacific have very similar
reflectance and temperature values. In January 1984,
DCC properties in the west Pacific are similar to those
in July 1983, but DCC in the east Pacific are more
shallow (warmer cloud tops) and less frequent than in
July 1983. The DCC in the west Pacific for both months
and in the east Pacific in July 1983 peaked at approx-
imately 204 K-212 K; DCC in the eastern Pacific in
January 1984 peaked at 212 K-220 K, approximately
1 km more shallow than in July 1983 (if we assume a
lapse rate close to dry adiabatic in the upper tropo-
sphere). These differences may be evidence of suppres-
sion of DCC by the downwelling branch of the Walker
circulation during non-El Niflo winters and relaxation
of the Walker circulation during El Nifio periods.

4. Diurnal variation

In the previous section, we used the monthly average
DCC distribution at local noon as a representation of
the monthly averaged daily mean distribution of DCC.
This raises the question of whether diurnal variations
of deep convection in different parts of the tropical
Pacific bias our impression of the spatial DCC distri-
bution derived from local noon data. The diurnal cycle
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FIG. 6. (a) The spatial distribution of DCC obtained from the combined VS-IR method in July 1983. The solid contours (interval 0.02)
represent the monthly DCC amount averaged over a 2° X 2° grid box. The dashed contours represent monthly mean SST (°C). (b) Surface
wind convergence (shaded and hatched areas represent strong convergence and divergence, respectively, as defined in the text) and DCC

cover as defined in (a).

of deep convection over the tropical oceans is also of
interest itself as a possible means of diagnosing DCC
forcing mechanisms, e.g., radiative-convective pro-
cesses.

We use the IR-only threshold method to study the
diurnal variations of DCC and CAC over the equatorial

Pacific Ocean. The advantage of our technique over
those used in previous studies is that our IR-only
method has been compared with the combined VS-IR
threshold method and shown capable of discriminating
between DCC and the thinner, lower CAC. We divide
the equatorial Pacific into four subregions (Fig. 1) rep-
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F1G. 7. As in Fig. 6 but for January 1984.

resentative of Indonesia, the west Pacific, the central
Pacific and the east Pacific, respectively.

Figure 8 shows the diurnal variations of DCC and
CAC over ocean (all DCC and CAC over land pixels
have been excluded from the analysis in this section)
in the four subregions in July 1983. The diurnal cycles
of DCC amount consistently peak in the morning and
minimize in the afternoon in these four regions across

the entire equatorial Pacific. In the Indonesian area,
the west Pacific, and the east Pacific, DCC amount
reaches a maximum around 0700 local time (LT) and
a minimum around 1900 LT. In the central Pacific,
the peak was at approximately 0400 LT, 3 hours earlier
than in the other regions. However, the real phase shift
of DCC in the central Pacific might be somewhat
smaller or larger than this because the time resolution
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of the data is 3 hours. The absolute amplitude of the
diurnal cycle varied from 0.3% to 1.0% in DCC
amount, and the relative amplitude of the diurnal cycle
was 20%~40% of the daily mean DCC amount. These
results indicate that our estimate of the daily mean
DCC amount is not significantly biased by using the
value obtained at local noon. The noon value is a slight
overestimate in the Indonesian area and the west Pacific
and a slight underestimate in the central Pacific and
the east Pacific (<10% in all cases).

The diurnal cycles of CAC amount were 135°-180°
out of phase with those of the DCC. The absolute am-
plitudes were 1%-3% in CAC amount, larger than those
of DCC, but the relative amplitudes were only about
15%, smaller than those of DCC. The phase difference
cannot simply be explained as an artifact of dividing
the results into two cloud types because the absolute
amplitude of changes in CAC exceeds that for DCC.
Zipser et al. (1980) hypothesized a time series of mass
and precipitation fluxes associated with a typical me-
soscale precipitation event in which the rainfall rate
from the anvil reaches its maximum between the ma-
ture and dissipating stages, many hours after the peak
in convective rain. The phase lag between DCC and
CAC in our data in consistent with Zipser’s hypothesis.
In the east Pacific, a weak semidiurnal variation of
CAC also appears. The absolute deviations of DCC
and CAC are largest in the west Pacific, the most ex-
tensive DCC area.

DCC top temperatures are a minimum near Or sev-
eral hours before the time of maximum in DCC cover
(Fig. 8); the same is true of CAC top temperatures. As
with cloud cover, the amplitude of CAC temperature
variations exceeds that for the DCC.

In January 1984, diurnal cycles of DCC and CAC
were qualitatively similar to those of July 1983 in the
Indonesian area and the west Pacific, although the
diurnal amplitude in Indonesia was larger. This may
reflect the influence of land on the diurnal cycle of
DCC over ocean due to the closer proximity of the
DCC zone to land (Borneo and New Guinea) in Jan-
uary 19847, Although no DCC or CAC over land are
included in the results, the diurnal variation of DCC
over land could affect the diurnal variation of DCC

over nearby ocean through a ‘sea breeze’ circulation. .

The diurnal cycle of DCC over land (not shown) is
stronger and almost 180° out of phase with that over
the ocean. In the afternoon, when DCC cover over
land is a maximum, it may further suppress DCC over
the nearby ocean, which is at its diurnal minimum, by
stabilizing the atmosphere through enhanced subsi-
dence. In the early morning, when DCC cover over
land is a minimum, subsidence over land and rising
motion over the ocean may produce a peak in the

7 This possibility was suggested by an anonymous reviewer.
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oceanic diurnal cycle. The diurnal cycles of DCC in
the central and east Pacific in January 1984 were not
well defined. This may be due to the low frequency of
occurrence of DCC in these regions during this month
(Fig. 7), which is caused in part by the threshold used
in the IR-only method (Fig. 2d).

Gray and Jacobson (1977) analyzed ground-based
precipitation data from eight islands in the western
tropical Pacific and found a consistent diurnal cycle
with the maximum value in the morning and mini-
mum value around early evening. They also pointed
out that the more intense the deep convection is, the
more evident is the diurnal cycle. They interpreted this
diurnal variation to be caused by day versus night vari-
ations in tropospheric radiational cooling between the
convective cloud and the surrounding cloud-free area.
The diurnal phase of precipitation is the same as that
of DCC in our results, implying that the diurnal vari-
ation of precipitation is dominated by DCC rather than
CAC. GATE observations (Zipser et al. 1980; Houze
and Betts 1981) indicate that at least 60% of the total
precipitation is contributed by deep convection (our
DCC) and 40% by the mesoscale anvils (our CAC).
These results can be reconciled by noting that DCC
produce more precipitation per unit area than CAC
and that the nearly equal contribution to the total pre-
cipitation produced by the two cloud types is a result
of the larger area covered by CAC relative to DCC.

Inferring precipitation from satellites is currently the
only possible way to obtain information with satisfac-
tory space /time sampling over oceans. Our results im-
ply that using a single threshold value to relate IR ra-
diances to precipitation, as is done in most studies (cf.,
Arkin and Ardanuy 1989), can produce misleading
results by assigning equal significance to all locations
with IR temperatures colder than the threshold value.
If the two types of clouds contribute differently to the
total precipitation, then separating them in the analysis,
as we have done, seems necessary for a proper deter-
mination of precipitation variability. In particular,
since the CAC are warmer than the DCC and cover a
much larger area, they have a stronger influence on
diurnal variations of OLR. Hartmann and Recker
(1986) found a maximum of OLR in the morning and
concluded that this variation is dominated by clouds
near the 400 mb level; both of these results are consis-
tent with the minimum of CAC amount that we find
at this time of day. Contrary to their conclusion, how-
ever, this is not consistent with the surface precipitation
measurements. Albright et al. (1985) also used a single
threshold in their analysis, which was consistent with
the behavior of OLR in the GATE region; but it is
apparent in their results that the phase of the diurnal
cycle varies with height in the Pacific. By using a single
threshold (—36°C, which is equivalent to the 300 mb
level, approximately), they convolve the behavior of
the DCC and CAC: precipitation in the SPCZ inferred
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from OLR peaks in the afternoon, while surface ob-
servations at Canton, Tarawa and French Polynesia
show a maximum in the morning ( Finkelstein 1964).

5. Relationships between deep convection, sea surface
temperature, surface wind convergence and evap-
oration

An understanding of the relations between deep
convection and large-scale variables is required to
model the onset of deep convection and the interaction
between convection and the large-scale circulation.
Thermodynamically, deep convection exists only if two
requirements are satisfied: conditional instability
throughout the lower troposphere and a means for air
parcels to rise to the level of free convection (LFC).
Conditional instability depends only on the atmo-
spheric lapse rate. The second condition is determined
by the altitude of the LFC, which depends upon the
humidity and temperature of the planetary boundary
layer (PBL). It is also influenced by the depth of the
PBL, which is controlled by turbulence and low-level
wind convergence. In the PBL, temperature approxi-
mately follows SST and humidity is determined by
evaporation, low-level moisture convergence, and deep
convection. Moisture convergence V- (qV ) (where g
and V represent the specific humidity and wind veloc-
ity, respectively) is thought to be dominated by low-
level wind convergence gV - V because small humidity
gradients in the tropics (Oort 1983) limit the contri-
bution of the horizontal advection term V - V4. Above
the PBL, the temperature profile is controlled by the
large-scale circulation driven by convection and radia-
tion.

Early observations ( Bjerknes 1969; Rowntree 1972;
Julian and Chervin 1978) suggested a linkage between
SST anomalies and deep convection. It was originally
assumed that local evaporation, which was thought to
be controlled by SST, was the dominant moisture
source for deep convection. However, recent estimates
by Liu (1988) indicate that local evaporation variations
depend not only on SST anomalies, but also on the
variation of low-level wind, especially in regions of
convergence. Cornejo-Garrido and Stone (1977)
showed that convection is usually correlated with min-
imum evaporation. This implies that low-level con-
vergence must supply most of the local moisture for
convection. This conclusion was confirmed by
Thompson et al’s (1979) comprehensive study of
easterly wave disturbances in the tropical eastern At-
lantic during GATE. Khalsa (1983) examined corre-
lations between SST, rainfall, low-level moisture con-
vergence and evaporation for the central and east Pa-
cific during the 1972-73 El Nifio. Khalsa claimed that
rainfall is more closely related to moisture convergence
and attributed the good correlation (0.68) between SST
and rainfall to a good correlation (0.86) between SST
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and low-level convergence. Steiner ( 1987) found that
in the tropical Pacific from 5°N-15°N and 0°-15°S
winds blowing opposite to the normal easterly trade
wind flow are more likely to be accompanied by strong
convection.

Graham and Barnett ( 1987) studied long-term low-
frequency variations of deep convection, SST and low-
level convergence at 50 sites in the equatorial Indian,
Pacific, and Atlantic oceans and suggested that there
is a critical SST of about 27.5°C in the tropical oceans
below which deep convection generally does not occur.
In areas with SST > 27.5°C, convection becomes in-
sensitive to SST variation and prefers regions with sig-
nificant low-level convergence. Below 27.5°C, evapo-
ration controls convection. Above 27.5°C, low-level
wind convergence becomes more important. Model
results support the idea of a critical SST for tropical
Pacific convection (Neelin and Held 1987; Del Genio
and Yao 1988; Lau and Shen 1988).

Figures 9 and 10 show the relationship of deep con-
vection, as defined by our VS-IR technique, to monthly
mean SST, surface wind divergence, and evaporation
in the tropical west and east Pacific for July 1983 and
January 1984. The boundary between these two regions
is placed at 150°W (Fig. 1) because, as we will see, the
behavior of deep convection and its relation to SST
and convergence is different east and west of this lon-
gitude at times (e.g., January 1984) probably due to
the difference in static stability in these two regions
(Reed and Recker 1971; Garcia et al. 1986). We cannot
measure evaporation directly. For this comparison we
have made a crude estimate based on the observed SST
and surface wind fields using a bulk aerodynamic for-
mula E = 0.22Up,C,Cpg*, where U denotes surface
wind speed, p, the density of air at the surface, C, the
specific heat at constant pressure, Cp a drag coeflicient
of 0.001 (Smith and Banke 1975) and g* the saturation
mixing ratio. The sea-air temperature difference is as-
sumed to be 0.5°C (Hsiung 1986) and the surface rel-
ative humidity is taken to be 78% (QOort 1983), both
typical values for the tropical oceans. The calculated
evaporation shows a reasonable spatial structure with
magnitudes consistent with Liu’s (1988) inferences
near the equator. Evaporation estimated in this way
induces some correlation between evaporation and SST
or surface wind.

Since the variables we seek to relate DCC are sig-
nificantly correlated with each other, it is difficult to
isolate the effect of any one variable. For a clearer pre-
sentation of the enhancement or suppression of DCC,
we define a DCC index as follows. Let N,; be the num-
ber of gridboxes with “extensive” deep convection in
regime i defined by combinations of SST, wind diver-
gence, and evaporation (Figs. 9a and 10a) and let N,
be the total number of gridboxes with extensive con-
vection summed over all regimes. We define extensive
deep convection as a monthly mean DCC amount
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greater than 2%, the mean for the whole tropical Pacific.
Let N; and N represent the total number of gridboxes
in regime i and in the total domain, respectively. Then
we calculate the DCC index as (N;/N.)/(N;/N). When
DCC are enhanced, i.c., the fraction of grid boxes with
extensive DCC which occur in a regime is greater than
the fractional area of the regime, the DCC index is
greater than 1. When DCC are suppressed, the DCC
index is less than 1.

Figure 9 shows the DCC index as a function of local
evaporation and surface wind convergence for the
tropical west Pacific and east Pacific. The evaporation-
divergence domain is divided into 9 regimes (Fig. 9a).
Evaporation is arbitrarily classified as weak, medium
or strong based on dividing the range of surface latent
heat flux estimates in our domain (0-300 Wm ~2) into
three equal intervals. The wind divergence axis is di-
vided into strong convergence, weak convergence /di-
vergence and strong divergence categories. The middle
category includes all points whose divergence is less in
magnitude than the maximum longitudinal mean di-
vergence for the 21°N-21°S domain (5 X 107¢s7!).
Figures 9b-9¢e show no consistent relationship between
extensive DCC and evaporation: DCC indexes are not
consistently higher or lower in a particular evaporation
category which is consistent with Khalsa’s (1983)
finding of a low correlation (0.26) between evaporation
and rainfall.

Based on previous work (Cornejo-Garrido and Stone
1977; Thompson et al. 1979; Khalsa 1983; Graham
and Barnett 1987), we expect to see a good correlation
between deep convection and surface wind conver-
gence. The relatively high amount of extensive deep
convection in areas of strong surface convergence (re-
gime 1 in the east Pacific and regime 4 in the west
Pacific for both months) seems to bear this out. How-
ever, in some strong convergence regimes, for example,
regime 1 in the west Pacific, strong convergence does
not always enhance DCC by a statistically significant

amount. In fact, even if deep convection is well cor--

related with low-level convergence on short time scales,
it may not correlate as well with monthly mean con-
vergence, A few transient episodes of convergence (e.g.,
due to passing easterly waves) in a region that is oth-
erwise divergent, may be sufficient to produce a sub-
stantial monthly mean DCC amount. Thus, even
though the surface wind dataset we used is considered
one of the best surface wind datasets available (Gol-
denberg and O’Brien 1981), neither its accuracy nor
temporal resolution may be adequate to study the con-
vection-convergence relationship.

The relationship of deep convection, SST, and sur-
face divergence is presented in Fig. 10. We define cool
and warm SST categories as SST lower than 27°C and
higher than 28°C, respectively (Fig. 10a), after Graham
and Barnett (1987). The SST range 27°C-28°C, which
is comparable to the uncertainty in the SST data, is
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defined as a transition category. In July 1983 (Figs.
10b and 10c), when the longitudinal gradients of SST
are small and warm water (SST > 28°C) extends across
the entire Pacific near the equator (Fig. 6a), the cor-
relation of deep convection with SST and convergence
is qualitatively the same in the west and east Pacific.
The high DCC indices in regimes 7 and 8 in both re-
gions show that DCC are greatly enhanced in the areas
of SST > 28°C as long as strong divergence is not pres-
ent. Actually, about 90% of the extensive DCC grid-
boxes occurs in these areas. The near-zero DCC indexes
in cold SST areas (regimes 1, 2 and 3) and lower DCC
indexes in the transition SST area indicate that DCC
are significantly suppressed in areas of SST < 28°C,
even when surface convergence is strong.

In January 1984 (Figs. 10d and 10e), the relation
of extensive deep convection to SST and convergence
remains the same as that in July 1983 in the west Pacific
(hereafter we call this the west Pacific type of relation).
However, in the east Pacific, where there are few lo-
cations with SST greater than 28°C, considerable deep
convection still occurs, more than 60% of it in areas
of cool SST. The DCC index is significantly higher than
1 in regimes 1 and 4, suggesting that DCC were en-
hanced in areas of strong surface wind convergence
and SST < 28°C. Large uncertainties in the warm SST
areas are caused by the small number of samples there;
thus, it is hard to tell how extensive DCC are related
to surface wind in this situation.

These results suggest that there are at least two types
of relation between deep convection, SST and surface
wind convergence. One is the west Pacific type. The
other is the east Pacific type, which is observed in the
cast Pacific only when SST is not abnormally warm.
We have performed a similar analysis for the first two
years of ISCCP C1 data (July 1983-July 1985) by using
an analogous threshold method. In the ISCCP C1 da-
taset the visible optical thickness of clouds, derived
from B3 radiances using a radiative transfer model, and
cloud top pressure can be used to define DCC (Rossow
et al. 1988). The resulting inferences about the DCC
pattern and the DCC-SST-surface wind convergence
relationship from the C1 data agree very well with those
from the B3 data shown in this paper for July 1983
and January 1984. This gives us confidence in the con-
sistency of the two analyses and also illustrates the in-
sensitivity of our results to the exact thresholds used
to detect DCC.

The west Pacific type of relation (characterized by
DCC index higher than 1 in regimes 7 and 8) occurs
in 16 months out of the 20 months we analyzed in the
west Pacific (months that contain less than 20 days of
local noon data are excluded in the analysis). In the
other four months, a hybrid relationship with char-
acteristics of both the west Pacific type and the east
Pacific type exists in the west Pacific. This suggests that
the west Pacific type of relation is the dominant be-
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havior in this region and does not vary qualitatively
with season or during an ENSO event. In the east Pa-
cific, when SST is mostly colder than 28°C (8 non-
summer months out of 20 months), the DCC index is
greater than | in regime 1 and 4, which defines the east
Pacific type of relation. When there is a considerable
area with SST > 28°C (9 out of 20 months), the DCC
index is greater than 1 in regimes 1 and/or 4, as well
asin 7 and/or 8. This behavior is a hybrid of the west
Pacific type and the east Pacific type of relationship.
When the area of SST warmer than 28°C extends more
or less across the whole equatorial Pacific, such as in
July 1983 (a decaying El Nifio), March 1984 and April
1984, the DCC index exhibits the west Pacific type of
relationship.

We have also considered the possible influence of
SST gradients on the DCC-SST-surface wind conver-
gence relationship in the east Pacific (cf., Lindzen and
Nigam 1987; Gutzler and Wood 1990). For example,
we have compared two pairs of months with similar
total areas of SST > 28°C but with different meridional
SST gradients in the east Pacific (March and April 1985
vs. December 1983 and November 1984). The rela-
tionships are not qualitatively different between these
two cases. On the other hand, meridional gradients of
SST are similar for March and April in 1984 and for
the same months in 1985. However, the west Pacific
type of relationship occurs in March and April 1984,
while the east Pacific type of relation occurs in March
and April 1985. Thus the relationship does not appear
to explicitly depend on the instantaneous SST gradient.
This, however, does not mean that the effect of SST
gradient is not important. In fact, the major effects of
SST gradient have been included in the surface wind
divergence field and the surface latent heat flux field.
Thus the only effect of SST gradients left out of our
analysis is the sensible heat flux, which is believed to
be one order of magnitude smaller than the latent heat
flux. The role of surface wind convergence, and thus
indirectly the SST gradient, defines the east Pacific type
of relationship.

The relationship of DCC-SST-surface wind conver-
gence obtained in our analysis appears different from
Graham and Barnett’s (1987) finding. The relation-
ships we find suggest that DCC is not significantly en-
hanced in areas of strong surface convergence when
SST > 28°C. There are two possible explanations for
this difference. First, while their analysis covers a much
longer time period, the spatial sampling is very sparse.
Both their analysis and ours do not have enough ex-
amples of strong surface wind divergence and SST
> 27.5°C. Second, their data sample only includes a
range of surface wind divergence magnitudes less than
4 X 107%s™!, which is within our “weak” (near-zero)
convergence category. To reduce the uncertainty in the
divergence below 4 X 107® s~! requires accuracies of
wind measurements better than 0.5 m s™!. Halpern

1147

(1988) has pointed out that the number of random
wind observations required per month fora 0.5 ms™!
accuracy in the mean is about 35 at a site in the 95°
to 152°W region, which is much higher than typical
for the equatorial Pacific. Thus the appearance of the
lower OLR samples in the 0-4 X 10~°s~! convergence
range in Graham and Barnett’s Fig. 6 may not reliably
indicate that convection occurs only in surface wind
convergence areas. Graham and Barnett also did not
include any areas of the east Pacific with SST = 25°C-
27°C in which we found extensive deep convection
enhanced by the strong surface wind convergence areas
in January 1984. Our results are consistent with those
of Gutzler and Wood (1990), who find strong corre-
lations between time series of OLR and surface wind
convergence primarily in the east Pacific.

Figure 11 illustrates the relationship of DCC top
temperatures to the SST distribution. Because of the
small longitudinal temperature gradient in the middle
and upper tropical troposphere (Oort 1983) we can
simply relate cloud top altitudes to cloud top temper-
atures. Positive correlations between DCC top altitudes
and SST are evident in the west Pacific in July 1983
(Fig. 11a) and the east Pacific in January 1984 (Fig.
11d). The correlation is much weaker or nonexistent
in the east Pacific in July 1983 (Fig. 11b) and the west
Pacific in January 1984 (Fig. 11c¢). The analysis of the
first two years of ISCCP C1 data shows that there is in
general a positive correlation between DCC top altitude
and SST in both the west Pacific and east Pacific al-
though the slope is larger in the west Pacific. Del Genio
and Yao (1987), who analyzed a different version of
the ISCCP data for the Atlantic Ocean, found that the
peak of the DCC top distribution was highest (near
150 mb) in the west Atlantic, where the SST was a
local maximum, and shifted toward lower levels as one
moved eastward (to a lower SST area). DCC visible
reflectances do not vary systematically with SSTs in
either month. In July 1983, DCC reflectances were
about the same in the west Pacific and east Pacific
(=~0.75). In January 1984, DCC in the west Pacific
(=0.77) were marginally brighter than those in the
east Pacific (=0.75). The higher reflectance might be
due to either greater fractional coverage of individual
pixels by thick clouds, or to greater liquid water content
in the convective clouds. In either case, this may be
evidence of a strengthening Walker circulation follow-
ing an El Nifio event.

We tested the sensitivity of these results to spatial
resolution by redoing the analysis with grid boxes of
2° X 6°, 4° X 4° and 2° X 10° latitude-longitude
extent (the actual spatial resolution of the FSU wind
data). The results at 2° X 6° and 2° X 10° resolutions
are not significantly different from those at 2° X 2°
resolution. At 4° X 4° resolution, there is a marginally
significant increase in extensive deep convection in re-
gime 8. This cannot be completely explained by the
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FIG. 11. Scatter plots of extensive deep convection as defined in the text as a function of DCC brightness temperature (altitude)
and SST. The pressures plotted along the right edge of each panel are converted to altitude using the mean vertical temperature
profile for 20°S-20°N latitudinal range (Newell et al. 1973). (a) west Pacific, July 1983; (b) east Pacific, July 1983; (c) west

Pacific, January 1984; (d) east Pacific, January 1984.

fact that the 4° X 4° resolution tends to reduce the
absolute value of divergence because the increase of
the fraction of extensive deep convection (~15%) is
much larger than that of the population of all data
points (~5%) in regime 8 in July 1983. However, this
change does not affect our conclusions. Sensitivity to
the definition of extensive deep.convection was tested
by varying the cut-off value from 1% to 2% to 3%. This
produces no statistically significant variation in the re-
sults.

6. Discussion

In Figs. 6 and 7, the latitudinal width of the ITCZ
is about 5° (cf., Garcia 1985) which is some 10° nar-

rower than that suggested by OLR observations (Lieb-
mann and Hartmann 1982). This may not be a prob-
lem for diagnosing signals of low-frequency, tropical
phenomena, such as ENSO and the 40-50 day oscil-
lation. However, this deficiency of OLR analyses may
well be important in studying the dynamics of tropical
air-sea interactions and in verification of cumulus pa-
rameterizations. The atmospheric circulation is sen-
sitive to the geographic distribution of diabatic heating
as well as its vertical distribution (cf., Hartmann et al.
1984; DeMaria 1985). The net diabatic heating in-
cludes contributions from clear sky, cumulus clouds,
and mesoscale anvils, which have different magnitudes
and different geographical and vertical distributions of
radiative and latent heating (Houze 1982, 1989). In
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particular the DCC might be better indicators of cu-
mulus heating which predominates in the lower tro-
posphere, while the CAC might indicate mesoscale an-
vil heating of the upper troposphere. The fact that the
diurnal cycle of total precipitation at the surface is con-
sistent with that of DCC rather than CAC suggests that
DCC precipitation rates are much higher and thus, the
intensity of latent heating in the convective complex
is much higher in the DCC part. The larger areal cov-
erage of CAC suggests that they have a stronger influ-
ence on radiative heating and cooling of the convective
complex. Therefore, study of the processes that con-
tribute to the net large-scale diabatic heating requires
separate knowledge of DCC, CAC, and clear sky re-
gions. The OLR pattern mixes at least DCC and CAC
together, whereas the VS-IR method separates them.

The variations we see in the DCC-SST-surface wind
convergence relationship raise the issue of differences
in the predominant atmosphere-ocean coupling
mechanism between the west Pacific and the east Pa-
cific. Gutzler and Wood (1990) have suggested that
the SST gradient may play an important role by ki-
nematically forcing low-level atmospheric circulation
anomalies over the east Pacific. We will attempt to
address this issue from a slightly different angle.

The west Pacific type of relationship could be ex-
plained by the effect of SST on atmospheric instability®.
Taking the vertical profiles of moist static energy (h)
and saturation moist static energy (#2* ) observed in the
Marshall Islands (Lord and Arakawa 1980) as repre-
sentative of the west Pacific, and assuming that a
change of SST affects these profiles only below the level
of minimum #* (i.e., ignoring the influence of SST
variation on the middle and upper troposphere), the
atmosphere can be made convectively stable (4 at the
surface is less than the minimum /4*) with a 2°C de-
crease in SST. In other words, convection will be sup-
pressed for SST less than 27°C if the typical SST in
the Marshall Islands is 29°C (cf., Fig. 6a). Thus, simple
thermodynamics might explain the critical SST for oc-
currence of deep convection in this regime. In areas of
SST warmer than 28°C, the lack of correlation between
deep convection and strong convergence also suggests
an environment unstable enough, due to surface influ-
ences alone, for convection to occur without strong
surface convergence.

The east Pacific type of relation suggests that low-
level convergence, probably associated with SST gra-
dients (Lindzen and Nigam 1987), may be more im-
portant. Although relatively cool SST (colder than
27°C) tends to stabilize the atmosphere near the sur-
face, strong low-level convergence acts to destabilize
the atmosphere above cloud base by adiabatic cooling

8 Betts and Ridgway ( 1989) gave a similar explanation based on
the results of their convective boundary layer model.
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in the middle troposphere and by deepening the PBL.
Thus, the difference between the west and east Pacific
types may be a matter of whether convective stability
is controlled primarily by thermodynamic, essentially
one-dimensional processes near the surface (the west
Pacific) or by thermodynamic and dynamic (i.e., at
least two-dimensional ) processes both near and above
the surface (the east Pacific).

Because of the limitations of the data, our analysis
cannot supply any evidence to explain the absence of
enhanced DCC in areas of SST < 27°C with strong
surface wind convergence in the west Pacific. However,
it would be reasonable to speculate that extensive DCC
occurring in the warmest SST areas stabilize adjacent
areas via upper level subsidence and thus suppress oc-
currence of DCC in those areas in the west Pacific with
SST < 27°C, despite strong surface wind convergence.

What causes the change from the west Pacific to the
east Pacific type of relation? Garcia et al. (1986) con-
structed vertical profiles of equivalent potential tem-
perature and saturation equivalent potential temper-
ature in the tropical east Pacific for several time periods.
Their results indicate that the atmosphere was con-
vectively unstable during an El Nifio winter (January
1983) and stable in a non-El Nifio winter (November
1980). Thus, variations of the large-scale atmospheric
circulation associated with SST variations could change
the dynamic regime in the east Pacific. Our resuits for
a non-El Nifio winter (January 1984) indicate that
most convective cloud tops in the east Pacific were
relatively low (Figs. 2d, 11d). If convective heating
was more confined to the lower troposphere at that
time and place, a stronger feedback between convection
and low-level wind convergence might be expected.
Cumulus heating profiles for the west Pacific and east
Atlantic show marked differences of this kind
(Thompson et al. 1979).

A possible explanation of the DCC top temperature-
SST relationship is that SST affects DCC top altitude
by its influence on convective instability. Again taking
observed vertical profiles of /# and 4#* for the Marshall
Islands (Lord and Arakawa 1980), assuming that SST
variations only affect # and #* below the level of the
minimum #/*, and fixing surface relative humidity at
78%, we get approximately a 1 km decrease in DCC
altitude for a 2°C surface cooling, typical of the SST
difference between convective areas of the west Pacific
and east Pacific. This simple estimate agrees with our
observations.

The DCC top temperature-SST relationship we see
is suggestive of the tendency for convective clouds to
deepen in GCM simulations of warmer climates. Al-
though lapse rate and surface relative humidity vari-
ations also affect the penetration depth of convection,
neither is likely to totally offset the effect of surface
temperature changes. For example, for a 4°C surface
warming, the lapse rate would have to increase by sev-
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eral times the change in the moist adiabatic lapse rate
to cancel the increase in surface moist static energy. In
the tropics, where moist convection controls the lapse
rate, such a change can probably be ruled out on cli-
matic time scales.

7. Summary

Previous studies inferring deep convection from sat-
ellites have not systematically isolated DCC from other
high clouds that are associated with DCC. We have
developed two methods to improve the detection of
DCC from satellite images. Method 1 is a combined
VS-IR threshold method which isolates DCC by adding
VS channel information to the usual IR channel ap-
proach. Method 2 is an IR-only threshold method that
is adjusted against method 1. Both methods prove ca-
pable of distinguishing DCC from other high clouds
and provide generally consistent results. A detailed
comparison of the two methods suggests that method
1 must be used to detect large-scale variations of DCC
or CAC top altitudes. Method 2, on the other hand,
must be adjusted by using method 1 results for different
regions if there is a systematic difference of cloud top
heights between these regions.

Using these two methods, we have examined the
monthly mean spatial distribution of DCC in the trop-
ical Pacific, the diurnal variation of DCC, and the re-
lation of DCC to SST and surface wind convergence.
Changes in the positions of the ITCZ and SPCZ be-
tween July 1983 and January 1984 appear to be related
to both the waning El Nifio and the normal seasonal
cycle. The latitudinal extent of extensive deep convec-
tion is significantly smaller than that inferred from
analysis of OLR. DCC top temperature was about 8 K
warmer {~~1 km lower in altitude) in the east Pacific
than in the west Pacific in January 1984, suggesting
the possible influence of the large-scale Walker circu-
lation. In July 1983, DCC top temperature was about
the same in the west Pacific and the east Pacific, which
may be an indication of the relaxation of the Walker
circulation.

The diurnal variation of DCC over ocean indicates
that DCC amount at local noon is a good representa-
tion of the daily mean with less than 10% over- or
under-estimate of daily means. The relative amplitude
of the diurnal cycle of DCC amount (20%-40%) is
stronger than that of the associated mesoscale CAC
(10%-20%), but the reverse is true for the absolute
amplitudes. DCC cover peaks in the early morning
throughout the equatorial Pacific, while mesoscale CAC
cover peaks in late afternoon. The maximum ampli-
tude of the diurnal cycle occurs in the west Pacific or
Indonesia, where deep convection is most intense. The
consistency of diurnal variations between DCC and
precipitation suggests that DCC dominate the variation
of precipitation. DCC top temperatures are a minimum
near or several hours before the maximum in DCC
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cover and are out of phase with mesoscale CAC top
temperatures.

Our results suggest that monthly mean deep con-
vection does not consistently correlate with monthly
mean evaporation. When the warmest SSTs in a par-
ticular subregion of the tropical Pacific are greater than
28°C over a substantial area, DCC are enhanced only
where SST > 28°C in the absence of strong surface
wind divergence. This occurs at most times in the west
Pacific and in the east Pacific during El Nifio and
northern summer months. Moreover, in places where
SST < 28°C, although the colocated monthly mean
surface wind is usually divergent, the few areas of strong
convergence do not contain enhanced deep convection.
When the warmest SSTs in a subregion are less than
about 28°C, deep convection exhibits a preference for
areas of strong monthly mean surface wind conver-
gence, such as in the east Pacific in non-El Nifio, non-
summer months. Our results suggest that the transition
between the two types of relationship is related pri-
marily to the area covered by SST > 28°C. Consid-
eration of the typical vertical structure of the tropical
atmosphere suggests that this difference in behavior
may reflect control of convective stability by surface
vs. midtropospheric processes, consistent with the pos-
itive correlation of DCC top altitude and SST.

Although the time period examined here is too short
to study the climatological features of DCC, certain
aspects of the nature of tropical deep convection are
supported by a two year analysis of a different version
of the ISCCP data. A more extensive database is re-
quired in particular to test our assertion that the deep
convection/SST /convergence relationship is con-
trolled by the maximum SST in a specific region and
month. The planned 12-year duration of ISCCP will
permit such a study using the techniques we have de-
veloped. Our diagnosis of the processes producing the
DCC variations is limited by the absence of accurate
global datasets of low-level winds, moisture, air tem-
perature and PBL height. Simultaneous information
on all these parameters represents our best hope for
understanding tropical deep convection and its effect
on the large scale circulation in the tropics.
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